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Graphical Abstract 
 
 
Abstract 
Sedimentary petrology and trace element geochemistry indicate that the Late Devonian to Early Carboniferous 
Heishantou Formation near Boulongour Reservoir (NW Xinjiang, China) was deposited on a steep slope, mid-
latitude accreting island arc complex in an open oceanic system. Bulk 87Sr/86Sr ratios show excursion patterns 
that are consistent with excursions at the Devonian–Carboniferous (D–C) boundary in epicontinental margin 
sediments. Sedimentation rates for the Boulongour Reservoir sediments show highly variable rates that range 
from 0.5 cm/ky to 10 cm/ky, consistent with other Late Devonian sections and modern arc environments. 
Multiple whole rock geochemical proxies for anoxia and the size and distribution of pyrite framboids suggest 
the presence of the Hangenberg Event in the sediments associated with the D–C boundary, despite the lack of 
visible black shale. The presence of anoxia in an open ocean, island arc environment cannot be explained by 
upwelling of anoxic bottom waters at this paleolatitude, but can be explained by the global infliction of oceanic 
shallow water eutrophication on to a climate system in distress. 
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1. Introduction 
 
The Late Devonian was a time of intense ecological crisis in 
both terrestrial and marine ecosystems. It is bracketed by 
two oceanic anoxia events that are associated with major 
mass extinctions. The Kellwasser Event at the Frasnian–
Famennian (F–F) boundary decimated coral reef and other 
benthic marine communities (Copper, 1994) while slightly 
older extinctions decimated terrestrial ecosystems (Stigall, 
2012 and McGhee, 2013). In contrast, the Hangenberg 
Event at the Devonian–Carboniferous (D–C) boundary 
primarily affected pelagic marine communities including fish 
(Sallan and Coates, 2010) and cephalopods (Becker, 1993 
and Zong et al., 2014). In fact, a revised taxonomic severity 
ranking places the end Famennian (D–C boundary) and F–
F extinction events as the fourth and fifth largest biodiversity 
crises in the Phanerozoic, respectively (McGhee et al., 
2013, Table 3). These ocean anoxia events are also 
associated with a series of transgressions and regressions 
(Becker et al. (2012) and references therein), with the 
Hangenberg Event resulting from global cooling and the 
onset of glaciation at the end of the Famennian (Isaacson et 
al., 2008, Brezinski et al., 2009, Brezinski et al., 2010, 
Myrow et al., 2014 and Cole et al., 2015). The trigger for 
these anoxia events in the Late Devonian has long been 
debated (Racki, 2005), with proposed mechanisms ranging 
from the evolution of land plants (causing both a drawdown 
of atmospheric CO2 and the influx of nutrients into the 
oceans) (Algeo and Scheckler, 1998) to tectonic influence 
(Copper, 1986) to orbital forcing (De Vleeschouwer et al., 
2013), to the influence of large igneous provinces (Bond and 
Wignall, 2014). 
 
Regardless of trigger mechanism, many studies have 
concluded that upwelling of anoxic bottom waters was 
responsible for the widespread ocean anoxia in the Late 
Devonian (Caplan et al., 1996, McGhee, 1996, Caplan and 
Bustin, 1999, Cramer et al., 2008 and Formolo et al., 2014), 
while others have invoked sea level rise and resulting water 
column stagnation within epicontinental basins as a causal 
mechanism (Bond et al., 2004 and Bond and Wignall, 2008). 
Until recently, all of the studies of the Late Devonian anoxia 
events have been conducted on continental margins or in 
epicontinental basins, primarily in North America 
(Geldsetzer et al., 1993, Caplan et al., 1996, Caplan and 
Bustin, 1998, Smith and Bustin, 1998, Murphy et al., 2000, 
Caplan and Bustin, 2001, Rimmer, 2004, Rimmer et al., 
2004, Bond and Wignall, 2005, Algeo et al., 2007, Algeo and 
Maynard, 2008, Cramer et al., 2008, Perkins et al., 2008, 
Schieber, 2009, Myrow et al., 2011, Bond et al., 2013, Tuite 
and Macko, 2013, Myrow et al., 2014, Cole et al., 2015 and 
Whalen et al., 2015) and Europe (Joachimski and Buggisch, 
1993, Schindler, 1993, Racki et al., 2002, Bond et al., 2004, 
Brand et al., 2004, Gharaie et al., 2004, Kaiser et al., 2006, 
Pujol et al., 2006, Riquier et al., 2006, Marynowski and 
Filipiak, 2007, Azmy et al., 2009, Myrow et al., 2011, 
Kazmierczak et al., 2012, Chen et al., 2013, Kumpan et al., 
2014a, Kumpan et al., 2014b and Matyja et al., 2015). Many 
of these study sites have been strongly influenced by 
increased sedimentation from the rising Appalachian 
Mountains. Additional studies have been conducted in 
locations that would presumably not be affected by the 
Appalachian/Variscan Orogenic Events, but all are 
associated with sediments derived from the cratonic blocks 
of Indochina (Hara et al., 2010 and Königshof et al., 2012), 
South China (Zheng et al., 1993, Chen et al., 2005, Gharaie 
et al., 2007, Du et al., 2008, Chen et al., 2013, Komatsu et 
al., 2014 and Whalen et al., 2015), Australia (Stephens and 
Sumner, 2003 and George et al., 2014), Russia/Siberia 
(Gutak et al., 2008, Izokh et al., 2009 and Tagarieva, 2013) 
and northern Africa (Kaiser et al., 2011). In contrast, only 
one study has unequivocally shown the presence of a Late 
Devonian anoxia event in an open oceanic setting far from 
continental-derived sediments: Carmichael et al. (2014) 
have documented the Kellwasser Event using multiple 
geochemical proxies within the Central Asian Orogenic Belt 
(CAOB), which therefore required an overhaul of the 
established models for ocean anoxia. To explain anoxia in 
the open ocean, Carmichael et al. (2014) suggested that the 
Kellwasser Event had to be caused by surface 
eutrophication rather than upwelling or basinal stagnation 
during transgressions. Earlier studies by Kido et al. (2013) 
and Suttner et al. (2014) have also suggested the presence 
of either the Hangenberg or Kellwasser Events in the CAOB 
based on field data and/or carbon and oxygen isotope data. 
 
Although the Kellwasser Event is generally characterized by 
two organic rich black shale units, there is considerable 
variability in the expression of Hangenberg Event 
sediments, and this variability complicates not only its 
recognition in some sections, but in turn obscures the root 
cause (or causes) of this major ocean anoxia event. Many 
studies have specifically used the presence of a black shale 
facies to identify the Hangenberg Event and from there infer 
the presence of the D–C boundary (Caplan and Bustin, 
1999, Rimmer, 2004, Perkins et al., 2008, Kaiser et al., 
2011, Formolo et al., 2014, Komatsu et al., 2014, Kumpan 
et al., 2014a, Kumpan et al., 2014b and Myrow et al., 2014). 
However, some locations that span the D–C boundary do 
not contain black shale (Azmy et al., 2009, Kaiser et al., 
2011, Myrow et al., 2011, Königshof et al., 2012, Kumpan et 
al., 2014a, Matyja et al., 2015 and Cole et al., 2015) due to 
their depositional environment. In the absence of a 
straightforward, visible manifestation of the Hangenberg 
Event in the form of a black shale bed or unconformity, the 
D–C boundary has historically been determined via 
conodont biostratigraphy (Flajs and Feist, 1988). However, 
the reliability of conodonts at the GSSP (La Serre section, 
Montagne Noire, France) has recently been demonstrated 
to be deeply problematic (Kaiser, 2009, Corradini et al., 
2011 and Kaiser and Corradini, 2011). Becker et al. (2012) 
noted that the GSSP for the D–C boundary in the Montagne 
Noir must be reevaluated and Aretz (2013) has advocated 
the use of other fossils to define the D–C boundary. In the 
absence of appropriate fossil assemblages and visible black 
shales or unconformities, an alternative to biostratigraphy 
may be required in some sections to constrain both the 
Hangenberg Event and the D–C boundary. 
 
Whole rock geochemistry and/or isotope chemostratigraphy 
have long been used in combination with biostratigraphy in 
many Late Devonian sections to develop global correlations 
across mass extinction intervals. Although positive δ13C 
excursions in carbonate sediments have often been used to 
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denote the Hangenberg Event interval (Brand, 2004, Kaiser 
et al., 2006, Cramer et al., 2008, Kaiser et al., 2008, 
Königshof et al., 2012, Day et al., 2013, Kumpan et al., 
2014b and Whalen et al., 2015), these excursions are 
variable depending on the carbonate material used 
(Buggisch and Joachimski, 2006), and may be obscured by 
diagenetic processes during local lowstands and therefore 
may not represent global marine signatures (Myrow et al., 
2013). As other locations that cross the D–C boundary do 
not show noticeable positive excursions (Caplan et al., 
1996, Buggisch and Joachimski, 2006, Kaiser et al., 2006, 
Kaiser et al., 2008, Azmy et al., 2009, Kumpan et al., 2014a, 
Kumpan et al., 2014b and Matyja et al., 2015), the use of 
δ13Ccarb as a correlative chemostratigraphic tool is limited 
at best. This is compounded by the problem that 
paleogeographic locations in the open ocean may record 
different δ13C signatures than those from within epeiric seas 
(Brand et al., 2009). The use of δ13Corg excursions in total 
organic carbon (TOC) has been used successfully in several 
studies across the D–C boundary (Caplan et al., 1996, 
Joachimski et al., 2001 and Kaiser et al., 2006) but its use 
(so far) has generally been limited to sections with visible 
organic-rich units, and therefore its use as a correlative tool 
across sediments without visible organic-rich units is not yet 
widespread. 
 
In addition to carbon isotope stratigraphy, trends in 87Sr/86Sr 
have been used for chemostratigraphy as oceanic strontium 
isotope ratios have varied over time (McArthur et al., 2012). 
Brachiopods are the preferred material for obtaining 
87Sr/86Sr in the Devonian (Becker et al., 2012), although 
there are very few measurements during the Famennian 
that have been fit to the accepted LOWESS curve (McArthur 
et al., 2012), and there are no accepted 87Sr/86Sr values for 
the latest Famennian above the crepida conodont zone (Van 
Geldern et al., 2006). Despite the apparent lack of data in 
the LOWESS database for this interval, three 87Sr/86Sr 
isotope studies specifically span the D–C boundary 
(Kürschner et al., 1993, Brand et al., 2004 and Azmy et al., 
2009). Of these three studies, two show sharp 87Sr/86Sr 
excursions in conodont apatite at the D–C boundary from 
European sections (Kürschner et al., 1993) and in 
brachiopod calcite from locations in Europe and basins 
within North America ( Brand et al., 2004). The remaining 
study (also located in Europe) does not exhibit an 87Sr/86Sr 
isotope excursion (Azmy et al., 2009), although this can be 
explained by the presence of an unconformity within the 
section as well as biostratigraphic uncertainty about the 
exact location of the D–C boundary. The presence of a 
significant 87Sr/86Sr excursion in both brachiopods and 
conodonts across two continents suggests that these 
excursions are not local phenomena, and can be used for 
chemostratigraphic correlations in future studies. 
 
Magnetic susceptibility (MS) measurements have long been 
used as a correlative tool in sedimentology (Hansen et al., 
2000, Hladil et al., 2006, Da Silva et al., 2009, Riquier et al., 
2010, Whalen and Day, 2010 and Ellwood et al., 2011). It is 
an excellent method for detecting sea level oscillations due 
to astronomical forcing (Ellwood et al., 2011, De 
Vleeschouwer et al., 2012 and De Vleeschouwer et al., 
2013), and new research shows that the regression 
associated with the Hangenberg Event is easily detectable 
via MS (Day et al., 2013, De Vleeschouwer et al., 2013 and 
Whalen et al., 2015), which is particularly useful in sections 
where there is an absence of a visible unconformity or black 
shale facies. 
 
Whole rock geochemistry and the presence and distribution 
of pyrite framboids have been used by many to characterize 
changes in redox conditions in Late Devonian marine black 
shales (Beier and Hayes, 1989, Pujol et al., 2006, Algeo and 
Maynard, 2008 and Marynowski et al., 2012). Even in the 
absence of visible black, organic-rich lithologies, the 
Kellwasser Event has been detected via whole rock 
geochemistry and/or pyrite framboid distribution in a variety 
of locations (Bond et al., 2004, Bond and Wignall, 2005, 
Bond et al., 2013, Carmichael et al., 2014 and George et al., 
2014). 
 
Here we propose a combined methodology to detect an 
“invisible” Hangenberg Event and the D–C boundary that 
incorporates sedimentology and chemostratigraphy 
(87Sr/86Sr isotopes, magnetic susceptibility, and whole rock 
geochemistry) in a fundamentally different tectonic and 
depositional setting from previous studies of the 
Hangenberg Event, in an open ocean island arc complex in 
the Central Asian Orogenic Belt (CAOB). The presence of 
the Hangenberg Event in an open ocean environment such 
as this would indicate that ocean anoxia was global in scope, 
and that the mechanisms of anoxia invoked for sediments 
along continental margins and within continental basins are 
impossible for anoxia development in isolated island arc 
settings. If the Hangenberg Event is detected here, it is 
necessary to develop an alternative mechanism for anoxia 
during the Late Devonian. 
 
2. Regional geology of the CAOB in northwestern China 
 
The CAOB (a), a complex amalgamation of intra-oceanic 
island arcs and continental fragments, was formed prior to 
the end of the latest Carboniferous (Windley et al., 2007). 
Late Devonian to Early Carboniferous sediments in the 
Junggar Basin in Xinjiang Province, China (Fig. 1b) are 
exposed at the Boulongour Reservoir; these include the 
Zhulumute, Hongguleleng, Hebukehe, and Heishantou 
Formations (Ma et al., 2011, Suttner et al., 2014 and Zong 
et al., 2014). Tectonic models for the Late Devonian suggest 
that these sediments formed as part of the West 
Junggar/Balkash accretionary wedge (Fig. 2), deposited on 
a Marianas Island type island arc complex (Xiao et al., 2010, 
Choulet et al., 2012, Yang et al., 2013 and Xiao and 
Santosh, 2014). Preliminary geochemical work within the 
base of the Hongguleleng and Zhulumute Formations 
support a juvenile sediment source (such as arc volcanism) 
rather than cratonic erosion for these basal units 
(Carmichael et al., 2014), which is consistent with the 
tectonic interpretations of the region. 
 
Typically, δ13C excursions are used in conjunction with other 
proxies to detect oceanic anoxia events, but the four δ13C 
analyses from the few limestones present in the Heishantou 
Formation did not exhibit any positive excursions in the 
expected Hangenberg Event interval (Suttner et al., 2014). 
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The inconclusive δ13C measurements from this initial study 
are likely a sampling artifact due to the lack of limestone 
beds rather than evidence against the presence of the 
Hangenberg Event. To address this, our research group 
returned to the site in 2011 and re-measured a bed-by-bed 
stratigraphic section of the Heishantou Formation at the 
Boulongour Reservoir section (Fig. 3), which represents the 
continuity of the sedimentary sequence described in detail 
in Suttner et al. (2014). 
 
Despite the lack of visible black shale units, the sediments 
exposed in the Boulongour Reservoir section do show 
evidence for other anoxia events through analysis of 
multiple geochemical and mineralogical proxies or through 
biostratigraphy. The Upper Kellwasser Event has been 
detected geochemically in the Hongguleleng Formation 
(Carmichael et al., 2014), and ammonoid biostratigraphy 
provides evidence for the Annulata Event in the Hebukehe 
Formation ( Zong et al., 2014). 
 
3. Materials and methods 
 
Samples were analyzed for major, trace, and rare earth 
elements, strontium isotopes, and mineralogy and mineral 
textures. Whole rock geochemical analyses were performed 
by Activation Laboratories (Ancaster, ON, Canada). 
Microtextures and mineral morphologies were imaged and 
analyzed via scanning electron microscopy with energy 
dispersive X-ray spectroscopy (SEM–EDS). SEM–EDS 
analyses were performed on a FEI Quanta 200 
 
 
Fig. 1. a. Map of Central Asian Orogenic Belt (CAOB) showing the surrounding tectonic units (adapted from Yang et al. (2013)) and b. geologic map of the 
complex structural geology of the study area (modified from both Yang et al. (2013) and Choulet et al. (2012)). 
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environmental scanning electron microscope with an 
attached EDAX energy-dispersive X-ray spectrometer and a 
Centaurus CL detector at Appalachian State University. Bulk 
mineralogy was measured with a Shimadzu XRD 6000 X-
ray diffractometer and was confirmed using SEM–EDS 
analysis, also at the Appalachian State University. 
 
All 87Sr/86Sr analyses were conducted at the University of 
North Carolina at Chapel Hill using a VG Sector 54 thermal 
ionization mass spectrometer (TIMS). Approximately 2–5 
mg of powdered bulk rock sample was dissolved in 600 μL 
3.5 N HNO3 for 24 h, and Sr was extracted from dissolved 
samples using EiChrom Sr-spec resin. In order to isolate 
carbonate Sr without leaching Sr from silicate minerals, 15 
duplicate samples were analyzed using acetic acid instead 
of nitric acid; approximately 2–5 mg of powdered bulk rock 
sample was dissolved in 20 μL 3 N CH3COOH for 24 h at 
room temperature. The duplicate samples were centrifuged 
and the supernatant was extracted, dried and the residuum 
was redissolved in 3.5 M HNO3 in preparation for Sr 
extraction. The resultant solution was passed through a 
resin column filled with EiChrom Sr-spec resin. The resulting 
extraction was dried in 30 μL 2 M H3PO4, and the sample 
bead was loaded onto Re filaments using 2 μL each of TaCl5 
and 2 M HCl. Samples were analyzed with an 88Sr ion 
intensity of 3 V (10− 11 Ω resistors) in triple dynamic mode. 
 
 
Fig. 2. Late Devonian paleogeographic model (A) and tectonic model (B) of the study area (shown by red star), indicating an amalgamating cluster of island arcs 
and accretionary complexes. Figure modified from Blakey (2008) and Xiao et al. (2010). 
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Fig. 3. Stratigraphic column of Boulongour Reservoir sediments and generalized faunal assemblages (modified from Suttner et al. (2014)). The Famenninan–Tournasian 
(D–C) boundary was tentatively identified in the field via brachiopod taxa (Ma et al., 2011). 
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To correct for mass fraction effects, Sr isotopic data were 
normalized to 86Sr/88Sr = 0.11940. Measurements of NBS 
987 on this instrument have a value of 87Sr/86Sr = 0.710258 
± 0.000009. The laboratory total procedure Sr blank 
fluctuates between 15 and 30 pg. 
 
Rock specimens for MS analysis were cleaned of residues 
and weathered parts and formatted to 2 × 2 × 4 cm blocks 
at the University of Graz. MS of 119 rock specimens was 
measured using a MFK1-FA Kappabridge at Agico Inc. in 
Brno (Czech Republic) with a magnetic field intensity of 200 
Am− 1 (peak value), operating frequency of 976 Hz, 
sensitivity of 2 × 10− 8 (SI), and accuracy within one range 
of ± 0.1%. Mass specific MS (MSchi) is expressed as 10− 9 
m3kg− 1 for log plotting. MS is a physical quantity which 
expresses the magnetization acquired in material exposed 
to external magnetic field. The use of magnetization 
depends on the concentration, quality, grain size or 
morphology of magnetic component (magnetic particles in a 
form of minerals) in the studied sample. 
 
For total organic carbon (TOC) and sulfur content, 
approximately 5 g of sample was crushed to a fine powder. 
Between 0.1 and 0.5 g of powder was treated 3 times with 2 
N HCl for 24 h to remove carbonate material. The samples 
were then rinsed 3 times with distilled water to neutrality. 
The resulting dried powder was then analyzed with a LECO 
CS-300 combustion analyzer (version 1.0, Year 1992) at 
University of Graz. For each powdered sample this 
procedure was run three times to confirm powder 
homogeneity and to cross-check instrument reliability. The 
mean value for each sample based on these three runs is 
used in this study. 
 
4. Results 
 
4.1. Stratigraphy and sedimentology 
 
The stratigraphy of the Boulongour Reservoir sediments is 
discussed in Suttner et al. (2014); in this study we consider 
only the upper 53 m of a section that represents the 
Heishantou Formation (a marine sequence located below 
storm wave base) (Fig. 3). In the Heishantou Formation, 
there is no black shale bed to unequivocally denote the 
presence of the Hangenberg Event, and precise 
biostratigraphic control for the Devonian–Carboniferous 
boundary is lacking. The approximate location of the 
Hangenberg Event in the Boulongour Reservoir section has 
been very tentatively identified at approximately 26 m above 
the base of the Heishantou Formation (equivalent to 210 m 
above the base of the Hongguleleng Formation, at the 
Frasnian–Famennian boundary) using limited carbon 
isotope stratigraphy (Suttner et al., 2014) and brachiopod 
faunas (Ma et al., 2011), while ammonoid biostratigraphy in 
an associated Hebukehe section indicates that the 
Hangenberg Event may be located at the base of the 
Heishantou Formation (Zong et al., 2014). 
 
The Heishantou Formation is composed primarily of 
mudstones and siltstones with several lenses of bioclastic 
mudstones and silty sandstones. Primary mineralogy 
includes albite, quartz, and chlorite with minor illite and trace 
apatite. Calcite is present in shell-rich beds within a muddy 
matrix. Albite is primarily exhibited as angular to sub-angular 
silt particles (< 100 μm diameter), while quartz is porous and 
microcrystalline (1–2 μm diameter) (Fig. 4). Some of clay-
rich sediments show lamination, but most indicate that the 
presence of clay is due to in-situ weathering reactions of 
biotite or hornblende fragments or sequestered in mud 
pellets (up to 100 μm diameter) (Fig. 4). Microtextural 
analysis via scanning electron microscopy shows that some 
mudstones contain textures that suggest a turbidite origin, 
while other mudstones have a more uniform texture. Other 
samples indicate the presence of volcanic ash beds. Several 
particularly porous layers contain abundant titanite cements. 
 
There is no field evidence for an unconformity within the 
Heishantou Formation (Suttner et al., 2014), but the 
distribution of calcite, albite, and chlorite changes at 
approximately 210 m, where the interbedded siltstones and 
bioclastic mudstones transition to mineralogically immature 
chlorite-rich siltstones with sandstone lenses and thin layers 
of volcanic ash and volcaniclastic silts (Fig. 5). This 
transition at 210 m from fine-grained bioclastic calcareous 
siltstones/wackestones (Suttner et al., 2014) to immature 
siltstones and sandstones (this study) is consistent with the 
changes in sedimentation seen at the D–C boundary or 
associated with the Hangenberg Event in other locations, 
where organic-rich mudrocks are overlain by sandstones 
(Caplan and Bustin, 1999, Kaiser et al., 2006, Kaiser et al., 
2011 and Myrow et al., 2014), calcareous mudstones 
(Kaiser et al., 2008), and nodular siltstones (Algeo and 
Maynard, 2008). It is also consistent with the tentative 
location of the D–C boundary in the Heishantou Formation 
from biostratigraphy (Ma et al., 2011 and Zong et al., 2014). 
 
 
 
Fig. 4. Backscattered SEM–EDS image of typical mineral textures in the 
Heishantou Formation. Chlorite typically is found as pseudomorphs of mud 
pellets and detrital biotite flakes, or as rims on albite grains. Albite is found as 
angular to sub-angular silt sized particles (generally b100 μm diameter). 
Quartz is generally microcrystalline and somewhat porous. The immaturity of 
the sediment supports a nearby volcanic arc source. 
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4.2. Geochemical proxies for sediment source 
 
Sediment source can be constrained with whole rock Th/U 
ratios (Carpentier et al., 2013), where a Th/U of ~ 3 in 
siliciclastic sediments indicates a juvenile sediment source 
such as a volcanic arc (Fig. 6). This result is consistent with 
previous work showing that the underlying Hongguleleng 
and Zhulumute Formations are derived from juvenile 
sediment sources as well (Carmichael et al., 2014). 
Additional trace element signatures within the detrital 
fraction of sediments, such as Hf/Th/Ta relationships 
(Wood, 1980) and La/Sc/Zr relationships (Bhatia and Crook, 
1986) show an oceanic island and continental island arc 
sediment source for the Heishantou Formation sediments 
(Fig. 7a, b). The Ta/Yb and Nb/Y ratios (Pearce et al., 1984) 
likewise cluster within volcanic arc sources (Fig. 7c, d). 
These discrimination diagrams indicate that sediment 
sources derived from volcanic island arcs are present within 
the Heishantou Formation, an interpretation that is 
consistent with tectonic studies of the region that model arc 
evolution and microcontinental accretion in the CAOB at 
during the Late Devonian (Fig. 2) (Xiao et al., 2010, Choulet 
et al., 2012, Yang et al., 2013 and Xiao and Santosh, 2014). 
 
4.3. 87Sr/86Sr isotope signatures 
 
Nitric acid leaches of sediments show that 87Sr/86Sr ratios 
range from 0.70716 to 0.70928 within the sediments of the 
Heishantou Formation (Table 1), with a large positive 
excursion towards heavier 87Sr values at approximately 212 
m (within 2 m of the hypothesized location of the D–C 
boundary based on brachiopod, field, and textural 
observations) (Fig. 8). Acetic acid leaches target only the 
carbonate fraction of the sediment, and provide 87Sr/86Sr 
ratios of 0.70719–0.70815 (Table 2). Like the data from the 
nitric acid leaches, the acetic acid data also show a sharp 
excursion at 212 m. When compared against existing 
87Sr/86Sr isotope oscillations and excursions in conodont 
apatite across the D–C boundary in Germany 
(Supplemental Information, Table S1; Kürschner et al., 
1993) and from brachiopods from both the central United 
States and Europe (Supplemental Information, Table S2; 
Brand et al., 2004), both sets of 87Sr/86Sr values from the 
Heishantou Formation unequivocally support the location of 
the D–C at 212 m (Fig. 8). Furthermore, the 87Sr/86Sr ratios 
from the nitric acid leach from Heishantou Formation 
samples are remarkably similar to the 87Sr/86Sr isotopic 
signatures measured from conodont apatite (Fig. 8), 
although samples from the Heishantou Formation do show 
more extreme fluctuations. However, we are reluctant to use 
these new 87Sr/86Sr values as representative of oceanic 
water at the D–C boundary as the values are not consistent 
with the accepted LOWESS fit for 87Sr/86Sr in the Late 
Devonian (McArthur et al., 2001 and McArthur et al., 2012). 
As the Heishantou Formation is located in an active volcanic 
island arc system (Fig. 7), our lower 87Sr/86Sr signatures 
could represent localized phenomena due to submarine 
groundwater mixing with volcanogenically altered 
groundwater, similar to what is observed in modern day 
active margins (Kim et al., 2003). Furthermore, at the scale 
of our sample collection interval (particularly through the D–
C boundary section) any submarine groundwater discharge 
or hydrothermal alteration would affect all samples similarly, 
preserving the oscillations but not the original oceanic 
87Sr/86Sr ratios. We see neither field nor microscopic 
evidence for localized (cm-scale) faulting, excessive 
 
Fig. 5. X-ray diffraction (XRD) patterns of bulk sediments from the lower 30 m of the Heishantou Formation show no appreciable difference in mineralogy 
throughout the section, only a difference in the distribution of minerals (particularly calcite, chlorite, and albite). Mineralogy as identified using XRD data was 
confirmed using scanning electron microscopy with energy dispersive X-ray microanalysis 
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jointing, or hydrothermal alteration within the zone of the 
isotope excursion at the tentative D–C boundary in the 
Heishantou Formation, and therefore interpret the 87Sr/86Sr 
excursion as primary. 
 
We are likewise reluctant to assign specific conodont ages 
to the Heishantou Formation sediments based solely on 
chemostratigraphic similarities to data sets calibrated to 
conodont biostratigraphy that has recently been determined 
to be problematic at the GSSP in France ( Kaiser, 2009, 
Corradini et al., 2011, Kaiser and Corradini, 2011 and Aretz, 
2013), but it should be noted that all four existing data sets 
that span the D–C boundary do show a strong excursion in 
87Sr/86Sr values within a meter of the D–C boundary itself ( 
Kürschner et al., 1993 and Brand et al., 2004) or at the 
tentative D–C boundary (this study). Therefore we conclude 
that the D–C boundary is located at 212 m above the base 
of the section, within the Heishantou Formation (Fig. 8). 
 
4.4. Sedimentation rates 
 
Approximately 245 m of sediments have been measured 
and described at the Boulongour Reservoir, from the top of 
the Frasnian into the lower Carboniferous (Carmichael et al., 
2014 and Suttner et al., 2014). Sedimentation rates were 
constrained based on observed conodont biostratigraphy 
(Suttner et al., 2014) and the chemostratigraphically 
constrained D–C boundary (this study). Rates range from 
0.5 cm/ky to 10 cm/ky (Table 3). These calculated 
sedimentation rates are consistent with rates calculated for 
other Late Devonian sections (Chen and Tucker, 2003, 
Elrick and Hinnov, 2007 and De Vleeschouwer et al., 2013) 
as well as for modern island arc environments (Reid et al., 
1996) that together indicate that sedimentation in an island 
arc environment during this time period can range from 0.5 
to 23 cm/ky. 
 
4.5. Geochemical proxies for redox, productivity, and sea 
level changes 
 
Despite the absence of a visible black shale facies in the 
Heishantou Formation, it is possible to use multiple whole 
rock geochemical proxies and magnetic susceptibility data 
to detect the changes in oceanic redox conditions, the 
presence of transgression and regression events, and 
changes in primary productivity. Reliable detection of water 
column anoxia is unlikely with a single geochemical proxy 
for most paleoenvironments, therefore a multiple suites of 
geochemical, textural, and mineralogical proxies are 
generally required to adequately characterize oxygen levels. 
All whole rock geochemistry data are provided in 
Supplemental Information, Table S3. 
 
As many of the commonly used redox signature elements 
are also lithologically controlled or exhibit inconsistent 
behavior depending on the depositional environment 
(Brumsack, 2006, Tribovillard et al., 2006, Piper and Calvert, 
2009 and Ver Straeten et al., 2011), care must be taken 
when analyzing geochemical proxy signatures across 
sections with variable sedimentology such as the 
Heishantou Formation so that changes in sediment 
composition and mineralogy do not mask or overprint the 
proxy data. To address the issue of lithologic control on the 
various proxies used in this study, a series of crossplots 
using Al2O3 as a sedimentological control to represent 
detrital input were constructed. These crossplots and a brief 
explanation of their interpretation are provided in the 
Supplemental Information. Commonly used redox and 
productivity proxies such as excess SiO2, Zn, V, Cu, Ba, and 
Mn can be used in this study only with caution (if at all) as 
they exhibit moderate to strong lithologic control 
(Supplemental Information: Discussion of Lithology and 
Geochemical Proxies, Fig. S1). Proxies such as As, Sb, Tl, 
Co, Cr, TOC, total S, authigenic U, Ce anomalies, Ni, Ag, 
Cd, P2O5, and Mo show little to no lithologic control and are 
therefore included as reliable proxies (Fig. 9 and Fig. 10). 
 
4.5.1. Redox proxies 
 
Elevated TOC and total sulfur have long been associated 
with oceanic anoxia (Berner, 1984 and Calvert and 
Pedersen, 1992) and their relevance and use as proxies are 
described in detail in Tribovillard et al. (2006). Although the 
Heishantou Formation does not exhibit extreme increases in 
either TOC or total sulfur, there are visible excursions in both 
of these proxies in the region surrounding the D–C boundary 
(Fig. 9). 
 
 
Fig. 6. (a) Th/U ratios in modern sediments can be used to show sedimentary 
provenance, where Th/U ratios clustered ~3 indicate a juvenile sediment source 
(light gray bars); in comparison, more mature cratonic sediments (black bars) 
have higher average Th/U ratios (~6) and more variability (modified after 
Carpentier et al. (2013)). (b) Th/U ratios in the Heishantou Formation boundary 
cluster ~3.4, indicating a juvenile sediment source, consistent with an island arc.  
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Vanadium and chromium are both precipitated as 
hydroxides or adsorbed to particulate matter during bacterial 
denitrification reactions within a sub-oxic water column 
(Piper and Calvert, 2009), and V/Cr > 5 has historically been 
used to indicate anoxic bottom water conditions (Hoffman et 
al., 1998). Despite the lithologic control on V (Supplemental 
Data: Fig. S1), the V/Cr ratio is independent of lithology. 
V/Cr ratios increase dramatically at the D–C boundary (Fig. 
9) to > 20, indicating suboxic conditions in the water column. 
This is consistent with elevated V/Cr ratios in the 
Hangenberg Event in the Kowala Quarry in Poland 
(Marynowski et al., 2012), the Exshaw Shale in Canada 
(data from Caplan and Bustin (1998)) and the Appalachian 
Basin (Beier and Hayes, 1989, Rimmer, 2004 and Perkins 
et al., 2008). 
 
 
 
Fig. 7. Sediment source for the Heishantou Formation can be constrained by a number of geochemical signatures. Hf/3–Th–Ta shows sediment source for basalt-
derived sediments (Wood, 1980), while Th–Sc–Zr/10 shows source for greywacke sediments (after Bhatia and Crook (1986)). Ta/Tb and Nb/Y ratios (Pearce et 
al., 1984) provide sources for granite-derived sediments. The Heishantou Formation sediments unequivocally show an island arc signature (either continental or 
oceanic island arcs) that varies over time, consistent with an accreting series of island arc terranes. Trace element signatures from detrital sediments in the Kowala 
Quarry in Poland (an extensively characterized D–C boundary section) are shown for comparison (data from Marynowski et al. (2012)). 
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Authigenic uranium (Uaut) sequestration in sediments 
records a complex redox process, as it is strongly bacterially 
mediated (Tribovillard et al., 2006) and can be remobilized 
during diagenesis (Zheng et al., 2002). In specific 
conditions, however, it can be used as a proxy for anoxia in 
marine sediments (McManus et al., 2005 and Algeo and 
Tribovillard, 2009). Authigenic U can be distinguished from 
detrital U by the Th content of the sediment, which is entirely 
detrital. It is calculated as Uaut = Utot -Th/3, where Th/3 is an 
estimate of the detrital uranium fraction in typical mudstones 
(Wignall and Myers, 1988). Fig. 9 shows several prominent 
Uaut excursions in the region immediately surrounding the 
D–C boundary, although a lack of data on the behavior of 
Uaut in island arc environments limits the reliability of this 
proxy for detecting anoxia in the Heishantou Formation. 
 
Cerium anomalies in apatite have long been used to show 
the presence of ocean anoxia (Wilde et al., 1996 and Morad 
and Felitsyn, 2001) where Ce anomalies with values <− 0.1 
are considered to show anoxia. Ce anomalies are calculated 
using Ceanom = Log [3Cen/(2Lan + Ndn)] (Wright et al., 1987), 
where “n” indicates REE normalization to the North 
American Shale Composite (NASC). Ce anomalies show 
scattered anoxia signature within the region of other 
geochemical anoxia signatures in the Heishantou Formation 
(Fig. 9). 
 
The concentration of Mo in mudstones is commonly used to 
show the presence of anoxia in basinal black shales 
(Tribovillard et al. (2006) and references therein). Because 
Mo must accumulate under long-term euxinic conditions 
within restricted basins, elevated concentrations 
(approximately 50–200 ppm) are not expected to form in 
unrestricted marine environments (Algeo and Lyons, 2006 
and Algeo and Maynard, 2008). There is no enrichment of 
Mo within the Heishantou Formation at the D–C boundary, 
but this is not unexpected since we have no 
sedimentological evidence for the presence of a restricted 
basin environment, and the tectonic models of the region 
and sediment source fingerprinting (Fig. 7) do not support 
the formation of restricted basins at this time. The small 
spikes in Mo (2–4 ppm) that are apparent throughout the 
section in the mudstone fraction (Fig. 9) may be due to the 
presence of turbidites (McKay and Pedersen, 2014). 
 
In addition to those described in detail above, sediment 
enrichment in arsenic, antimony, cobalt, and thallium can all 
be used as redox indicators (Brumsack, 2006 and Piper and 
Calvert, 2009). All of these elements do show enrichment 
within the region of other geochemical anoxia signatures in 
the Heishantou Formation (Fig. 9). 
 
4.5.2. Sea level and sedimentation proxies 
 
Geophysical analyses of rock samples produced a 
distinctive magnetic susceptibility (MS) pattern (Fig. 10), 
which supports results from microfacies analysis and 
sedimentological patterns. Although MS signatures can be 
altered by diagenesis (Riquier et al., 2010), SEM–EDS 
observations, 87Sr/86Sr ratios, and detailed mineralogical 
analysis of the Heishantou Formation support the idea that 
the MS signal is driven by detrital components rather than 
particles of diagenetic origin (see the Supplemental 
Information for a detailed discussion of the detrital origin of 
Table 1.  
87Sr/86Sr values for the Heishantou Formation (nitric acid leach), normalized 
to 0.710248 for standard reference NIST-987 (McArthur et al., 2012). 
 
Sample  
Name 
Stratigraphy 
(m) 
87Sr/86Sr  
raw 
Standard 
Error 
Absolute 
Error 
87Sr/86Sr 
normalized 
BU001 192.58 0.707820 0.0006 0.000008 0.707810 
BU004-01 193.53 0.707874 0.0008 0.000011 0.707864 
BU004-02 196.53 0.707404 0.0007 0.000010 0.707394 
BU004-03 199.48 0.707972 0.0007 0.000010 0.707962 
BU005 204.03 0.708166 0.0007 0.000010 0.708156 
BU008 205.05 0.707503 0.0006 0.000008 0.707493 
BU015 207.30 0.708211 0.0006 0.000008 0.708201 
BU017 208.83 0.708211 0.0009 0.000013 0.708201 
BU017(base) 208.93 0.707660 0.0009 0.000013 0.707650 
BU026 211.08 0.707434 0.0009 0.000013 0.707424 
BU028 211.57 0.708463 0.0006 0.000008 0.708453 
BU029 211.63 0.708616 0.0007 0.000010 0.708606 
BU030a 211.67 0.708531 0.0008 0.000011 0.708521 
BU030b 211.70 0.708149 0.0007 0.000010 0.708139 
BU030c 211.79 0.709280 0.0007 0.000010 0.709270 
BU031 211.91 0.709270 0.0009 0.000013 0.709260 
BU032 212.01 0.708817 0.0007 0.000010 0.708807 
BU033 212.16 0.709064 0.0008 0.000011 0.709054 
BU034 212.22 0.708486 0.0006 0.000008 0.708476 
BU035a 212.38 0.707925 0.0007 0.000010 0.707915 
BU035b 212.53 0.708589 0.0007 0.000010 0.708579 
BU035c 212.67 0.707912 0.0008 0.000011 0.707902 
BU036 212.74 0.708336 0.0006 0.000008 0.708326 
BU037 212.76 0.707916 0.0007 0.000010 0.707906 
BU038 212.81 0.708109 0.0007 0.000010 0.708099 
BU068 218.67 0.708826 0.0009 0.000013 0.708816 
BU070c 219.44 0.707159 0.0009 0.000013 0.707149 
BU077 220.26 0.707242 0.0009 0.000013 0.707232 
BU082 222.46 0.708075 0.0009 0.000013 0.708065 
BU089 223.78 0.708045 0.0009 0.000013 0.708035 
BU097 230.32 0.707739 0.0009 0.000013 0.707729 
BU106 231.62 0.707827 0.0006 0.000008 0.707817 
BU112 234.59 0.707389 0.0007 0.000010 0.707379 
BU138 245.07 0.708188 0.0006 0.000008 0.708178 
BU140 245.42 0.709072 0.0006 0.000008 0.709062 
 
Table 2.  
87Sr/86Sr values for the Heishantou Formation (acetic acid leach), normalized 
to 0.710248 for standard reference NIST-987 (McArthur et al., 2012). 
 
Sample  
Name 
Stratigraphy 
(m) 
87Sr/86Sr 
raw 
Standard 
Error 
Absolute 
Error 
87Sr/86Sr 
normalized 
BU004-02 196.53 0.707388 0.0007 0.000010 0.707378 
BU008 205.05 0.707387 0.0009 0.000013 0.707377 
BU015 207.30 0.707621 0.0007 0.000010 0.707611 
BU017 208.83 0.707680 0.0008 0.000011 0.707670 
BU017(base) 208.93 0.707540 0.0007 0.000010 0.707530 
BU026 211.08 0.707203 0.0006 0.000008 0.707193 
BU028 211.57 0.707577 0.0007 0.000010 0.707567 
BU029 211.63 0.707586 0.0007 0.000010 0.707576 
BU030a 211.67 0.707653 0.0009 0.000013 0.707643 
BU030b 211.70 0.707675 0.0007 0.000010 0.707665 
BU030c 211.79 0.707866 0.0009 0.000013 0.707856 
BU031 211.91 0.708162 0.0006 0.000008 0.708152 
BU032 212.01 0.708120 0.0007 0.000010 0.708110 
BU034 212.22 0.708109 0.0009 0.000013 0.708099 
BU036 212.74 0.708115 0.0007 0.000010 0.708105 
BU037 212.76 0.708057 0.0007 0.000010 0.708047 
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the MS data). A regressive trend marks the base of the unit 
until sample BU032 (at 212 m), which is followed by a 
transgressive phase until BU070a (at 264 m). From then on 
the signal represents a slight, but indistinctive regressive 
trend until the top of the measured section. A very large 
excursion reaching up to 1677.4 [10− 9 m3kg− 1] between 
samples BU052 and BIU055a is related to a volcanic ash 
layer and does not represent sea level fluctuations. 
However, all other samples measured are related to sea 
level fluctuations. Fig. 10 shows an increase in detrital 
material in the Heishantou Formation just below the D–C 
boundary, which is consistent with a regression. 
 
4.5.3. Productivity proxies 
 
Phosphorus normalized to the average aluminum content of 
continental crust is a proxy for authigenic phosphate 
concentrations, which can be used to show increased 
biological productivity (Schmitz et al., 1997), necromass 
deposition (Tribovillard et al., 2006), or hypoxia-induced 
secondary eutrophication (Middelburg and Levin, 2009). 
 
 
Fig. 8. 87Sr/86Sr isotope ratios in bulk sediments (nitric acid leach = black line, acetic acid leach = gray line) show a noticeable excursion at the D–C boundary. 
Nitric acid leach values line up extremely well with conodont apatite 87Sr/86Sr isotope ratios (red line) from Kürschner et al. (1993), and both nitric and acetic 
leaches mimic the excursion at the D–C boundary in brachiopods (blue line) shown by Brand et al. (2004). Although this study uses bulk sediment rather than 
single mineral signatures, trends in 87Sr/86Sr values clearly denote the D–C boundary, consistent with both previous studies, and can potentially delineate conodont 
biozones when compared to conodont apatite values. All plotted 87Sr/86Sr values (this study and previous studies) are normalized to 0.710248 for standard 
reference NIST-987 (McArthur et al., 2012). Raw and normalized 87Sr/86Sr values from Kürschner et al. (1993) and Brand et al. (2004) are provided in the 
Supplemental Information (Supplemental Information, Tables S1, S2).  
Table 3.  
Sedimentation rates of the Boulongour Reservoir section (measured in Suttner et al. (2014)). Sedimentation rates not calculated for sediments above 212 m due to 
lack of biostratigraphic and chemostratigraphic control. 
Unit description thickness (m) 
average 
sedimentation rate 
time 
(Ma) 
Hongguleleng intercalated limestones and mudstones 97 2 cm/ky 5.6 
Hebukehe (lower) intercalated cherts with minor mudstones 25 0.5 cm/ky 5 
Hebukehe (upper) mudstone 71 5 cm/ky 0.8 
Heishantou (up to 212 m) intercalated mudstones and bioclastic mudstones 19 10 cm/ky 2.1 
Heishantou (above 212 m) siltstones with minor sandstone lenses, trace limestone layers 33 N/A N/A 
Total 245  13.5 
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P2O5/Al2O3 shows a distinct increase at the onset of the 
regression indicated by MS values (Fig. 10), which is 
consistent with previous findings in the Hangenberg interval 
(Beier and Hayes, 1989 and Kumpan et al., 2014b) and has 
likewise been seen in the Kellwasser Event in the underlying 
Hongguleleng Formation (Carmichael et al., 2014) as well 
as in basinal sediments off the Eurasian continental margin 
(Racki et al., 2002). 
 
Trace element proxies for productivity include silver, which 
has been found to be a better constrained proxy for 
productivity than Ba (Tribovillard et al., 2006 and McKay and 
Pedersen, 2008). Ag shows a distinct yet brief increase in 
the Heishantou Formation sediments surrounding the D–C 
boundary (Fig. 10). Nickel is an unusual element that can 
record either an increased organic carbon flux due to 
plankton in the photic zone, or bottom water anoxia (Piper 
and Calvert, 2009). Ni shows an excursion at the D–C 
boundary location, which is independent of lithology (Fig. 
10), but Ni values on their own do not indicate whether they 
are due to water column anoxia or increased productivity. 
For V/Ni ratios > 2.5, sedimentary Ni values are due to 
anoxic bottom water rather than plankton flux (Piper et al., 
2007). In the case of the Heishantou Formation nearly all 
V/Ni ratios > 2.5, but it must be noted that V values are 
strongly correlated with clay content, leaving the Ni 
enrichment mechanism (productivity or changes in redox) to 
remain enigmatic here. 
 
Like nickel, cadmium can be used as a proxy for anoxia 
(Tribovillard et al., 2006) or productivity (Brumsack, 2006 
and Tribovillard et al., 2006). It is coupled with phosphorus 
during upwelling in suboxic environments (Brumsack, 2006), 
and can also complex with sulfide species in anoxic/euxinic 
environments (Tribovillard et al., 2006). Cd shows 
enrichment in a single sample at the D–C boundary (Fig. 
10). As there is no Mo enrichment in the Heishantou 
Formation sediments (Fig. 9) it is unlikely that euxinic 
conditions were present, and the excursion in Cd is therefore 
assigned as a productivity proxy rather than an anoxia 
proxy. 
 
 
 
Fig. 9. Whole rock geochemistry of the Heishantou Formation showing commonly used redox proxies: total organic carbon (TOC), total sulfur, Mo, As, Co, V/Cr, 
Ce anomalies, authigenic U, Sb, and Tl. The proxies used here did not show appreciable lithologic control (color key for sediments in lithologic column provided 
in Fig. 3). Redox proxies with concentrations that are impacted by lithology are given in the Supplemental Information (Discussion of Lithology and Geochemical 
Proxies). Shaded areas indicate areas with geochemical signatures consistent with anoxic or suboxic conditions, presumably associated with the Hangenberg 
Event. 
 
13 
 
4.5.4. Framboidal pyrite 
 
The size, shape, and distribution of pyrite framboids (circular 
aggregates of pyrite microcrysts) (Fig. 10), can also be used 
to assess redox conditions in the water column (Wilkin et al., 
1996) and at the sediment–water interface (Wang et al., 
2013). Anoxic water columns produce populations of 
individual or irregularly clumped framboids (generally < 5 
μm) with a narrow size range (Wilkin et al., 1996, Wilkin and 
Barnes, 1997, Wilkin et al., 1997, Wignall and Newton, 1998 
and Wang et al., 2013) and may be bacterial in origin 
(Schieber, 2002, Folk, 2005 and Gong et al., 2008). In 
fluctuating dysoxic environments, framboids are larger and 
more variable in size (5–15 μm) (Wignall and Newton, 
1998), while samples without framboids are assumed to be 
deposited under fully oxic conditions or under anoxic 
conditions without sufficient Fe to form pyrite or its precursor 
form, greigite (Wilkin and Barnes, 1997). The presence of 
framboids alone is not sufficient to determine the oxygen 
levels within the water column, however. Framboids > 25 μm 
in diameter, or with distinct ovoid morphologies, or that 
cluster as aggregates with clearly defined edges are likely 
deposited below the sediment–water interface (Rowan et 
al., 2009 and Wang et al., 2013) in burrows or pore spaces 
and do not accurately reflect bottom water oxygenation 
conditions. Therefore when determining the degree of water 
column anoxia, care must be taken to analyze not only the 
size distributions of framboids, but any clustering 
morphologies and/or framboid shapes. 
 
Iron oxide framboids are present in a variety of intervals 
throughout the Heishantou Formation, but are particularly 
abundant in samples from the expected Hangenberg Event 
interval (Fig. 12). These iron oxide framboids represent 
oxidation of original pyrite framboids, as some still retain 
pyrite in the interiors of the framboids crystals. Framboids 
present in the uppermost part of the Heishantou Formation 
have morphologies that are consistent with those formed in 
 
 
Fig. 10. Whole rock geochemistry of the Heishantou Formation showing proxies for sea level (magnetic susceptibility, MS), and productivity (P2O5, Cd, Ag, and 
Ni). The proxies used here did not show appreciable lithologic control (color key for sediments in lithologic column provided in Fig. 3). Productivity proxies with 
concentrations that are impacted by lithology are described in the Supplemental Information (Lithology and Geochemical Proxies). Shaded areas indicate areas 
with signatures consistent with anoxic or suboxic conditions, presumably associated with the Hangenberg Event. 
 
 
 
Fig. 11. Backscattered scanning electron microscopy images of framboidal pyrite replaced by magnetite in Heishantou Formation sediments. Framboid size, 
distribution, and cluster morphologies are variable throughout the Heishantou Formation; framboid formation in sub/dysoxic water column conditions or beneath 
the sediment–water interface is reflected by a large size range of framboids with average diameters of 10–25 μm (A), while framboids that form within an anoxic 
water column result in smaller framboids (~5 μm) with a more uniform range of diameters, that are isolated or in irregular clusters, and are generally found in 
laminated sediments (B). Framboid clusters with clearly defined edges (C) indicate formation in burrows within bioturbated sediments. Framboidal pyrite 
classifications developed by Wang et al. (2013), Wilkin and Barnes (1997), Wilkin et al. (1996) and Wilkin et al. (1997). 
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burrowed sediment (Fig. 11C) and do not likely reflect water 
column anoxia but rather localized anoxia in burrows due to 
sulfate reducing bacteria below the sediment–water 
interface. 
 
5. Discussion 
 
The lack of reliable conodont biostratigraphy and variable 
sedimentation makes detection of the D–C boundary and 
the Hangenberg Event particularly cumbersome in 
sequences such as the Heishantou Formation that have 
poor biostratigraphic control and no visible black shale 
facies. However, we are able to detect not only the D–C 
boundary but also the Hangenberg Event via whole rock and 
isotope geochemistry, magnetic susceptibility, framboidal 
pyrite distribution, and changes in mineral distribution 
throughout the sediment sequence. 
 
5.1. Detection of the D–C boundary 
 
The similarity of the 87Sr/86Sr excursion and oscillations 
presented in this study with existing 87Sr/86Sr studies that 
have been biostratigraphically constrained, in addition to 
the general agreement of the calculated sedimentation 
rates provided by the conodont biostratigraphy with 
sedimentation rates (both in other sections and calculated 
independently of 87Sr/86Sr data) justifies the use of 87Sr/86Sr  
signatures for chemostratigraphic correlation of the D–C 
boundary within the Heishantou Formation. Although 
87Sr/86Sr excursions at the D–C boundary have been shown 
along continental margins in previous studies (Kürschner et 
al., 1993 and Brand et al., 2004), detection of these 
excursions in the Heishantou Formation is significant 
because these sediments were deposited in a very different 
tectonic setting than any of the other locations described in 
previous studies. Regional tectonic studies, local 
stratigraphy, and sedimentary petrology and geochemistry 
all indicate that the sequence was deposited on a mid-
latitude accreting island arc complex in an open oceanic 
system, similar to the Marianas Islands (Fig. 2). The 
presence of this excursion in an open ocean, island arc 
environment suggests that this excursion could be global in 
extent and therefore could be used in other locations 
around the globe to identify the D–C boundary, although 
additional research across a variety of paleogeographic 
locations is clearly needed to confirm this. 
 
It is tempting to attribute this excursion to cratonic erosion 
that occurred with the widespread glaciation that developed 
in latest Famennian (Isaacson et al., 2008, Brezinski et al., 
2010 and McClung et al., 2013), resulting in increased 87Sr 
input to the oceans (Clemens et al., 1993). Late Devonian 
basinal sediments that have local cratonic sediment 
sources may exhibit elevated 87Sr/86Sr values up to 0.71083 
(Lynds et al., 2010), and continental weathering at the D–C 
boundary was exacerbated not only by changes in sea level 
but also the erosion of the rising Appalachians by glaciers 
(Brezinski et al., 2009). It has even been suggested that the 
tectonic uplift of the Appalachians alone could also have 
affected seawater 87Sr/86Sr ratios (Richter et al., 1992). 
Invoking glaciation, runoff, and Appalachian tectonics to 
explain global positive shifts in 87Sr/86Sr is problematic, 
however. Although increased cratonic 87Sr may account for 
some of the increased 87Sr/86Sr signatures, the volume of 
weathered cratonic rock required to produce the magnitude 
of the positive excursion seen in the open ocean 
environment of the Heishantou Formation (Fig. 2) would 
indicate extreme verging on catastrophic cratonic 
weathering events that are simply not observed in the rock 
record (Caplan and Bustin, 1999). The reasons for an 
87Sr/86Sr excursion of this magnitude remain unclear, but the 
presence of the excursion in three separate locations in very 
different paleogeographic settings does suggest that the 
excursion was global in extent. 
 
5.2. Detection of the Hangenberg Event 
 
Although a black shale facies is not visible within the 
Heishantou Formation, the sea level changes, increased 
 
 
Fig. 12. Framboidal pyrite distribution within Heishantou Formation sediments. 
Black circles represent isolated or irregular clusters of framboids ~5 mm in 
diameter, while gray circles represent larger framboids and/or those sequestered 
in burrows with sharply defined boundaries. White circles indicate that no 
framboids were present within the sample. The shaded gray region has 
geochemical proxy signatures consistent with anoxic or suboxic conditions, 
presumably associated with the Hangenberg Event. Framboidal pyrite distribution 
supports the location of the Hangenberg Event in the sediments surrounding the 
D–C boundary. These results are consistent with a series of fluctuating 
anoxic/dysoxic conditions, but not prolonged euxinic bottom water conditions. 
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productivity, and anoxia that characterize the Hangenberg 
Event can be detected through geochemical proxies such as 
V/Cr, As, Ag, Ni, Co, magnetic susceptibility and others (Fig. 
9 and Fig. 10), and framboidal pyrite distribution (Fig. 11 and 
Fig. 12). These proxies independently place the 
Hangenberg Event in the sediments surrounding the D–C 
boundary, which is where it is expected to be found in places 
that do contain visible black shale facies. 
 
In the Heishantou Formation, the Hangenberg Event 
represents a regression/transgression sequence concurrent 
with a period of fluctuating oxic/dysoxic/anoxic conditions in 
the water column and variable primary productivity. These 
fluctuating conditions preserved here are not unexpected 
due to the isolated, open oceanic paleogeographic location 
of the site (Fig. 2 and Fig. 7). Although there is a small 
positive excursion in TOC in the region associated with the 
Hangenberg Event in the Heishantou Formation despite the 
lack of a visible black shale unit (Fig. 9), the steep slopes of 
an island arc would not allow for significant accumulation of 
organic material as there are no restricted environments in 
which to store it. Similar fluctuations between 
dysoxic/anoxic/oxic conditions have likewise been noted in 
the sediments that record the Kellwasser and Hangenberg 
Events within euxinic basins or restricted shelf sediments 
(Beier and Hayes, 1989, Bond et al., 2004, Bond and 
Wignall, 2005, Schieber, 2009, Kazmierczak et al., 2012, 
Marynowski et al., 2012 and Kumpan et al., 2014b), open 
ocean shallow water environments (Carmichael et al., 
2014), and platform carbonates (Bond et al., 2013). 
 
A number of the proxies used in this study to detect the 
Hangenberg Event (Ce anomaly, Tl, Sb, V/Cr, Ag, and 
occurrence of framboidal pyrite) show additional excursions 
significantly above the Hangenberg Event (approximately 
45–50 m above the base of the section) (Fig. 9, Fig. 10 and 
Fig. 11). We have no evidence for diagenetic or 
hydrothermal alteration in these samples, but a lack of 
biostratigraphic control in this region limits our discussion 
about the age and significance of these excursions. 
 
5.3. Mechanisms for Late Devonian ocean anoxia 
 
The presence of the Hangenberg Event in an open ocean 
environment cannot be explained by the causal 
mechanisms commonly invoked for anoxia events. Many 
studies in epicontinental settings have concluded that 
upwelling and subsequent water stratification/stagnation is 
responsible for anoxia in the Late Devonian (Caplan et al., 
1996, McGhee, 1996, Caplan and Bustin, 1999, Riquier et 
al., 2006, Algeo et al., 2007, Cramer et al., 2008, Chen et 
al., 2013 and Formolo et al., 2014). Upwelling is an unlikely 
culprit, however, since paleoclimate modeling shows that it 
cannot be consistently correlated with organic-rich shales in 
the Late Devonian (Fig. 13) (Ormiston and Oglesby, 1995). 
In addition, upwelling in an open ocean environment such 
as the CAOB would indicate that the entire Late Devonian 
ocean was overturning (an extraordinary claim that has no 
evidence to support it). The evidence against widespread, 
synchronized upwelling during global anoxia events is not 
new; petroleum geologists have recognized the lack of 
correlation between upwelling and global oceanic anoxia for 
more than 30 years (Demaison and Moore, 1980 and 
references therein). 
 
Although transgression has been invoked as an alternative 
causal mechanism of anoxia in the Late Devonian (Bond et 
al., 2004 and Bond and Wignall, 2008), the effects of 
transgression on a steep slope environment such as an 
island arc would be negligible in comparison to the effects 
 
 
Fig. 13. Climate modeling using reconstructions of the Late Devonian paleogeography shows no correlation between upwelling and organic-rich shale beds. Image 
adapted from Blakey (2008) and Ormiston and Oglesby (1995). 
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seen on continental margins or in epicontinental basins. 
Furthermore, the interplay between sea level and Late 
Devonian anoxia has recently been called into question 
(George et al., 2014) as platform carbonates on the 
continental margins of Australia show no correlation 
between anoxia and sea level changes. 
 
In contrast, many studies have invoked a “top-down” causal 
mechanism for Late Devonian ocean anoxia events 
involving eutrophication due to terrestrially derived nutrients 
(Caplan and Bustin, 1998, Averbuch et al., 2005, Riquier et 
al., 2006, Tuite and Macko, 2013, Carmichael et al., 2014, 
George et al., 2014 and Whalen et al., 2015). This top down 
eutrophication model (Fig. 14) works along continental 
margins, epicontinental basins, and in the open ocean along 
the coastlines of island arcs (Carmichael et al., 2014). It can 
even work in the open ocean, as Riding (2009) has shown 
that increased primary productivity at the D–C boundary is 
coincident with major changes in plankton communities and 
Paris et al. (1996) show that major blooms of chitinozoans 
were present at the F–F boundary. It is not yet known if Late 
Devonian eutrophication was driven only by terrestrial 
nutrient input and primarily impacted coastlines (as 
suggested by Whalen et al. (2015)), or if changes in 
atmospheric CO2 levels caused eutrophication to occur 
throughout the open ocean. 
 
5.4. Triggers for Late Devonian ocean anoxia 
 
The evolution of land plants has long been invoked as a 
mechanism for the extreme climate change seen in the Late 
Devonian (see review by Berner and Kothavala (2001)). Not 
only did CO2 levels drop precipitously during this time period 
(Berner and Kothavala, 2001), but geochemical and 
sedimentary cycles were critically impacted by the onset of 
soil formation and the stabilizing force of plant roots (Algeo 
et al., 1995 and Algeo and Scheckler, 1998). Long term 
climate change related to CO2 drawdown in addition to 
increased nutrient supply to the oceans has often been 
invoked as a causal mechanism for Late Devonian ocean 
anoxia events (see reviews by McGhee (2005); Racki 
(2005)), but these mechanisms alone do not explain the 
punctuated, short term timescales of the individual anoxia 
events. Bolide impacts do explain punctuated, short term 
events, but there is no evidence for bolide impacts at the D–
C boundary (Becker et al., 2012 and Racki, 2012). Tectonic 
influences such as changing water currents and intensified 
siliciclastic weathering due to the Variscan/Appalachian 
orogeny have been invoked to explain the F–F extinction 
event as well (Copper, 1986 and Averbuch et al., 2005), 
although correlating the timing of mountain building to short-
lived anoxia events remains difficult. More recent work using 
cyclostratigraphy has found that nearly all of the Late 
Devonian ocean anoxia events that are paired with major 
transgressions are associated with climate changes that can 
be predicted via fluctuations in orbital forcing (De 
Vleeschouwer et al., 2013 and De Vleeschouwer et al., 
2014). 
 
The impact of large igenous provinces on global climate 
cannot be ignored when postulating the causes of major 
mass extinctions. The extinction events at the Givetian–
Eifelian boundary in the Middle Devonian and the D–C 
boundary are (so far) some of the only major mass 
extinctions in the Phanerozoic not directly associated with 
the emplacement of large igneous provinces (Bond and 
Wignall, 2014). The correlation of the F–F boundary with the 
Viluy Traps in Siberia has recently been refined with K/Ar 
and 40Ar/39Ar age dating (Courtillot et al., 2010 and Ricci 
et al., 2013). Although a relationship has been suggested 
between the F–F boundary and the Pripyat–Dniepr–Donets 
rift system in eastern Russia and the alkaline/carbonatite 
volcanism on the Kola Peninsula (Kravchinsky, 2012 and 
Bond and Wignall, 2014), more precise age dates as well as 
better assessments of magma volume are needed to 
confirm this link. There is also compelling (albeit conjectural) 
evidence to suggest that the D–C boundary may also be due 
to catastrophic igneous activity, but the age dates for the 
magmatic systems potentially associated with the D–C 
boundary extinction event are not yet refined enough to 
make definite connections (Filipiak and Racki, 2010). 
 
Despite more than three decades of research, it is clear that 
there are still more questions than answers in the quest to 
understand Late Devonian ocean anoxia events. Taken 
alone, none of the mechanisms listed above would likely 
result in global ocean anoxia, although they certainly would 
put considerable stress on ocean ecosystems. In the 
absence of unambiguous evidence to suggest that large 
igneous provinces were the direct cause of the Hangenberg 
Event, we therefore propose that there is no single trigger 
mechanism but that a fluctuation in climate at the D–C 
boundary due to orbital forcing pushed an already 
vulnerable marine ecosystem into crisis. 
 
6. Conclusions and implications 
 
The Late Devonian was a time of prolonged climatic 
instability caused by a number of factors including rapid 
change in CO2, changes in the composition and structure of 
plant ecosystems that led to increased nutrient runoff, the 
impact of widespread tectonic activity, and perhaps the 
impact of large igneous provinces. The net result was a 
series of tipping points that resulted in profound mass 
extinctions whether measured by taxonomic loss (McGhee 
et al., 2012) or ecological severity (McGhee et al., 2013). 
Different taxonomic groups occupying different niches in the 
ecosystems suffered extinction at different times, 
suggesting a multifactorial causation that may have 
depended on interaction of kill mechanisms versus a critical 
impact from a single factor. 
 
Because our research examines a different geographic area 
in a fundamentally different tectonic setting (the CAOB) from 
the majority of previous research on Devonian anoxia, we 
can begin to constrain some of the factors associated with 
Late Devonian climate instability and mass extinction. 
Previous models explaining Late Devonian anoxia required 
transgression or a similar “bottom up” mechanism to bring 
deep anoxic water onto an epicontinental shelf. These 
bottom up models are inconsistent with our findings of 
anoxia in open oceanic island arc systems in the CAOB. 
Carmichael et al. (2014) proposed an alternative model for 
Late Devonian anoxia: shallow water eutrophication caused 
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by increased nutrient loading (Fig. 14). Our recognition of 
anoxia associated with the Hangenberg Event also in a 
shallow water island arc setting in the CAOB provides 
support for this “top down” eutrophication model. This model 
is consistent with previous studies that have hypothesized 
that the ecologically complex, more deeply rooted forests of 
the Late Devonian could have enhanced weathering and soil 
formation leading to increased nutrient loading in coastal 
areas (Algeo et al., 2001, Tuite and Macko, 2013, George et 
al., 2014 and Whalen et al., 2015), that tectonic uplift caused 
enhanced nutrient runoff (Averbuch et al., 2005), or that 
runoff from forest wildfires caused water column 
eutrophication (Rimmer et al., 2004, Marynowski and 
Filipiak, 2007 and Marynowski et al., 2012). Our 
geochemical data from the Kellwasser Event (Carmichael et 
al., 2014) and the Hangenberg Event (this study) intervals in 
the CAOB support the model of global increased nutrient 
loading associated with anoxia in the Late Devonian. The 
presence of well-developed, lycopsid-dominated plant 
ecosystems in the terrestrial units directly underlying the 
Hongguleleng Formation (Xu et al., 2014) indicates that 
large forests were present even on volcanic island arcs in 
the CAOB, which further supports the nutrient loading 
hypothesis as a causal mechanism for anoxia. This is also 
consistent with the “dead zones” in modern coastal waters, 
where nutrient loading causes localized anoxia (McGlathery 
et al., 2007). 
 
Anoxia at the Hangenberg Event is often associated with a 
major regression and rapid transgression in many 
epicontinental settings, where relatively small scale 
fluctuations in sea level can have a major impact on 
sedimentation. We also see evidence of this 
regression/transgression couplet in the Heishantou 
sediments in the CAOB associated with the Hangenberg 
Event interval via magnetic susceptibility data and changes 
in sediment distribution, as well as in 87Sr/86Sr isotopes 
(although the mechanism for 87Sr enrichment is still unclear). 
Even though the Heishantou Formation sediments were 
deposited on an oceanic island arc with a steep slope, they 
still show evidence for significant sea level changes, which 
indicates that the sea level changes during the Hangenberg 
Event were extreme. This further supports the hypothesis 
that the rapid regression/transgression at the Hangenberg 
Event was a global eustatic event of significant magnitude. 
 
The unique paleogeography of our studied section allows us 
to answer questions about the extent and mechanism of the 
Hangenberg Event and the sea level changes at the D–C 
boundary that cannot be answered in locations associated 
with epicontinental margins or basins or the 
Variscan/Appalachian orogenic events. Additional field and 
geochemical studies in other Late Devonian island arc 
accretionary systems (such as northwestern China, 
southwestern Mongolia, eastern Kazakhstan and in the Altai 
of Siberia) are needed to further test the hypotheses 
discussed herein. 
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Fig. 14. New model modified from Carmichael et al. (2014) showing an alternative “top down” mechanism for ocean anoxia. On continental margins, shallow 
waters record episodic dysoxia and anoxia, and black shale facies are common in euxinic basins and/or in shelf sediments with nutrient-rich sediment sources. In 
island arc environments, shallow waters record episodic dysoxia and anoxia, but organic-rich black shale facies are limited or nonexistent due to topography or 
nutrient-poor young volcanic sediments. Euxinic basins are not found in island arc environments, as their formation is not tectonically favorable. 
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Supplemental Table S1. 87Sr/86Sr values from Kürschner et al. (1993), normalized to 0.710248 for standard reference NIST-987 
(McArthur et al., 2012). 
 
Location Sample Age Material Sr ratio 2sigma Normalized Sr ratio 
Oberrodinghausen OR15/13* Sandbergi Zone (T)  Polygn. sp. 0.708463 0.000012 0.708468 
Oberrodinghausen OR15/13 Sandbergi Zone (T)  Polygn. sp. 0.708445 0.000010 0.708450 
Oberrodinghausen OR14/8 Sandbergi Zone   Polygn. sp. 0.708395 0.000010 0.708400 
Oberrodinghausen OR13/10 Sandbergi Zone   Polygn. sp. 0.708370 0.000017 0.708375 
Oberrodinghausen OR13/10* Sandbergi Zone   Polygn. sp. 0.708470 0.000014 0.708475 
Oberrodinghausen OR12/12* Sandbergi Zone   Polygn. sp. 0.708370 0.000040 0.708375 
Oberrodinghausen OR10/5• Upper Duplicata Zone  Polygn. sp. 0.708393 0.000023 0.708398 
Oberrodinghausen OR7/18• Lower Duplicata Zone (T) Polygn. sp. 0.708464 0.000010 0.708469 
Oberrodinghausen OR7/18 Lower Duplicata Zone (T) Polygn. sp. 0.708426 0.000022 0.708431 
Oberrodinghausen ORS/5 Lower Duplicata Zone  Polygn. sp. 0.708334 0.000018 0.708339 
Oberrodinghausen OR4/6 Lower Duplicata Zone (B) Polygn. sp. 0.708340 0.000019 0.708345 
Oberrodinghausen OR2/12 upper Sulcata Zone  Polygn. sp. 0.708353 0.000015 0.708358 
Oberrodinghausen ORlli upper Sulcata Zone  Polygn. sp. 0.708445 0.000016 0.708450 
Oberrodinghausen OR1/7 upper Sulcata Zone  Polygn. sp. 0.708432 0.000017 0.708437 
Oberrodinghausen B1.1 Middle Praesulcata Zone  Bisp. sp. 0.708389 0.000011 0.708394 
Oberrodinghausen B1.3 Middle Praesulcata Zone  Bisp. sp. 0.708387 0.000016 0.708392 
Oberrodinghausen B2 Middle Praesulcata Zone  Bisp. sp. 0.708367 0.000015 0.708372 
Oberrodinghausen B3 Middle Praesulcata Zone (B) Bisp. sp. 0.708420 0.000008 0.708425 
Oberrodinghausen B4 Lower Praesulcata Zone (T) Bisp. sp. 0.708473 0.000011 0.708478 
Oberrodinghausen BS Lower Praesulcata Zone  Bisp. sp. 0.708502 0.000017 0.708507 
Oberrodinghausen B6 Lower Praesulcata Zone  Bisp. sp. 0.708423 0.000019 0.708428 
Oberrodinghausen B9 Lower Praesulcata Zone  Bisp. sp. 0.708387 0.000037 0.708392 
Oberrodinghausen B12 Lower Praesulcata Zone  Bisp. sp. 0.708478 0.000017 0.708483 
Oberrodinghausen B13 Lower Praesulcata Zone  Bisp. sp. 0.708430 0.000015 0.708435 
Oberrodinghausen B15 Lower Praesulcata Zone  Bisp. sp. 0.708447 0.000013 0.708452 
Oberrodinghausen B16 Lower Praesulcata Zone  Bisp. sp. 0.708465 0.000022 0.708470 
Oberrodinghausen B17 Lower Praesulcata Zone (B) Bisp. sp. 0.708443 0.000014 0.708448 
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Location Sample Age Material Sr ratio 2sigma Normalized Sr ratio 
Oberrodinghausen B20 Upper Expansa Zone  Bisp. sp. 0.708387 0.000020 0.708392 
Oberrodinghausen B23 Upper Expansa Zone . Bisp. sp. 0.708561 0.000012 0.708566 
Oberrodinghausen OR6 Upper Expansa Zone  Bisp. sp. 0.708409 0.000018 0.708414 
Oberrodinghausen BaSS Upper Postera Zone  Polygn. sp. 0.708465 0.000017 0.708470 
Oberrodinghausen ORS Lower Postera Zone  Polygn. sp. 0.708372 0.000014 0.708377 
Oberrodinghausen Bal5 Lower Trachytera Zone  Polygn. sp. 0.708333 0.000013 0.708338 
Oberrodinghausen OR3 Uppermost Marginifera Zone  Polygn. sp. 0.708282 0.000017 0.708287 
Oberrodinghausen OR2 l. Upper Marginifera Zone Polygn. sp. 0.708328 0.000018 0.708333 
Oberrodinghausen OR1 Lower Marginifera Zone  Polygn. sp. 0.708435 0.000017 0.708440 
Hasselbachtal Ha69 Duplicata Zone   Polygn. sp. 0.708303 0.000014 0.708308 
Hasselbachtal Ha78 lower Sulcata Zone  Polygn. sp. 0.708447 0.000013 0.708452 
Hasselbachtal Ha81 lower Sulcata Zone  Polygn. sp. 0.708487 0.000022 0.708492 
Hasselbachtal Ha83 lower Sulcata Zone  Polygn. sp. 0.708413 0.000015 0.708418 
Hasselbachtal Ha84 lower Sulcata Zone  Protognathodus kuehni 0.708618 0.000016 0.708623 
Hasselbachtal HaLE Middle Praesulcata Zone  Bisp. sp. 0.708384 0.000014 0.708389 
Hasselbachtal Ha44B Lower Praesulcata Zone  Planovatirostrum richteri 0.708184 0.000015 0.708189 
Hasselbachtal Ha29 Lower Praesulcata Zone  Bisp. sp. 0.708390 0.000012 0.708395 
Hasselbachtal Ha18C Lower Praesulcata Zone  Bisp. sp. 0.708437 0.000013 0.708442 
Hasselbachtal Hal8B Lower Praesulcata Zone  Planovatirostrum richteri 0.708323 0.000016 0.708328 
Ose OseB lower Sulcata Zone Protognathodus kuehni 0.708494 0.000020 0.708499 
Ose OseA2 Upper Praesulcata Zone Protognathodus kockeli 0.708537 0.000017 0.708542 
Riescheid Ri88 Texanus Zone Gnathodus sp. 0.708063 0.000014 0.708068 
Riescheid Ri77178 Anchoralis-latus Zone Gnathodus sp. 0.708122 0.000012 0.708127 
Riescheid Ri77/78 Anchoralis-latus Zone Gnathodus sp. 0.708077 0.000013 0.708082 
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Supplemental Table S2. 87Sr/86Sr values from Brand et al. (2004), normalized to 0.710248 for standard reference NIST-987 
(McArthur et al., 2012).  Samples noted with a * represents subsequent uncertainty in sample age assignment, due to recent work 
demonstrating the lack of reliable index fossils within the GSSP (La Serre section, Montagne Noire, France) (Aretz, 2013; Corradini et 
al., 2011; Kaiser, 2009; Kaiser and Corradini, 2011)  
Sample Bed Conodont zone Unit Ca Mg Sr Mn Fe δ18O δ13C 
87Sr/86Sr 
(raw) 
87Sr/86Sr 
(normalized) 
LSF-5 93 S. sulcata Griotte 369120 2048 1283 1025 216 -4.29 2.14   
LSF-8 93   348684 2789 880 3156 53     
LSF-9 93        -4.16 2.64 0.708203 0.708211 
LSF-10 93   359710 2222 1029 1025 228 -2.99 2.01 0.708157 0.708165 
LSF-27m 93 matrix  339286 3418 317 4535 572     
LSF-22 92 S. sulcata Griotte      -5.74 2.32   
LSF-23m 92 matrix  357287 2915 418 2341 529 -3.31 1.11   
LSF-6 91 S. sulcata Griotte 348791 1692 1011 689 176   0.708169 0.708177 
LSF-11 89 S. sulcata Griotte      -2.65 -1.63   
LSF-12 89        -2.64 -3.70 0.708229 0.708237 
LSF-13 89        -4.05 1.55   
LSF-19 89   352147 1999 979 1582 535 -2.99 1.27 0.708211 0.708219 
LSF-20 89        -2.92 2.36   
LSF-24m 89 matrix  358048 2807 356 2086 711     
GP-03  S. sulcata Glen Park 407115 942 1036 248 288 -4.11 1.31 0.708115 0.708123 
GP-04    340328 967 679 363 395     
GP-05    412600 980 1244 239 267 -3.28 1.76 0.708113 0.708121 
*ML-1129 87–85 Upper S. praesulcata Griotte        0.708253 0.708261 
*ML-1128 87–85 Upper S. praesulcata Griotte        0.708227 0.708235 
*ML-1128A 87–85          0.708196 0.708204 
*ML-1128B 87–85 matrix         0.708286 0.708294 
*ML-1128C 87–85          0.708251 0.708259 
LSF-1A 82u Middle  S. praesulcata Griotte 366901 936 994 137 22 -0.11 5.02 0.708163 0.708171 
LSF-1B 82u   359761 1235 916 301 142 -0.49 4.47   
LSF-2 82u   365899 93 1071 197 20 -0.75 4.90   
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Sample Bed Conodont zone Unit Ca Mg Sr Mn Fe δ18O δ13C 
87Sr/86Sr 
(raw) 
87Sr/86Sr 
(normalized) 
LSF-15A 82u   365542 1022 1306 105 57 -0.27 4.66   
LSF-16 82u Middle S. praesulcata Griotte 368801 864 1300 77 68   0.708152 0.708160 
LSF-17 82u   374556 986 1104 194 110 -0.18 4.63   
LSF-3 82l Middle S. praesulcata Griotte 370459 1169 962 438 285 -2.34 4.42   
LSF-4 82l   354149 3527 996 213 145 -2.65 4.71 0.708199 0.708207 
LSF-14 81 Middle S. praesulcata Griotte 347548 2045 787 1142 178 -2.18 2.86   
LSF-18 81   371937 662 1063 127 115   0.708148 0.708156 
LSF-21 81   388900 601 1148 35 51   0.708145 0.708153 
LSF-28m 81 matrix  316267 2754 280 1364 672 -2.94 1.59   
LSF-7 79 Middle S. praesulcata Griotte 359333 1289 1177 300 204 -3.14 3.16 0.708152 0.708160 
LSF-26m 79 matrix  307377 2684 301 970 968     
*ULL-03 top of unit Middle S. praesulcata Louisiana 405967 545 1305 51 89 -1.03 6.80 0.708140 0.708148 
*ULL-04 top        -1.22 5.88   
*ULL-05 top   377909 1921 890 134 431 -2.73 4.87   
*ULL-05w top   409681 2580 996 113 298 -2.37 5.24 0.708156 0.708164 
*ULL-6m top matrix   1715 166 385 637 -3.97 1.68 0.708458 0.708466 
*MLL-01 below Middle S. praesulcata Louisiana 383058 1418 1131 29 40 -1.42 6.04 0.708137 0.708145 
*MLL-02 below   347994 1061 1228 13 10 -0.68 6.67 0.708133 0.708141 
*MLL-02d below   381531 1037 1162 13 5 -0.59 6.72   
*MLL-7m below matrix   2207 381 130 488 -4.15 4.88 0.708285 0.708293 
*LL-01 Middle S. praesulcata Louisiana 423302 557 2002 51 52 -0.71 4.45 0.708122 0.708130 
*LL-02    411522 630 2198 63 48 -1.75 4.35 0.708122 0.708130 
*LL-03    395874 1056 1847 63 67 -0.81 4.33   
*LL-04    432037 954 1461 188 370 -0.95 4.11 0.708131 0.708139 
*LL-05    432203 534 1610 51 38     
St-07 Lower S. praesulcata Wocklum 332990 1250 1350 50 110 -6.57 1.32 0.708242 0.708250 
St-08    380620 1130 1350 105 175 -7.35 1.05   
St-08b         -7.25 1.13   
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Supplemental Table S3. Whole rock geochemistry, magnetic susceptibility (MS), Total Organic 
Carbon (TOC), and total sulfur data for the Heishantou Formation (available via electronic file). 
 
Supplemental Information: Lithology and Geochemical Proxies 
The following proxies (SiO2, V, Ti, Zn, Ba, Cu, and Mn) all show some degree of 
lithologic control when measured against Al2O3 as a detrital sediment proxy (Figure S1). The 
relationship between magnetic susceptibility (MS) and lithology is shown in Figure S2.  
Lithologies were broadly divided into four groups (albite sandstones, bioclastic mudstones, 
chlorite-illite mudstones, and quartz siltstones) according to whole rock geochemistry and 
lithologic assignments were confirmed with field observations, X-ray diffraction, and scanning 
electron microscopy (SEM).  Most of the lithologies showed similar trends when plotted against 
Al2O3, with the exception of the albite sandstone sandstone group which consistently plots with a 
different trend.  Sediment source analysis using trace elements Th, Zr, and Sc shows that the 
albite sandstone appears to be derived from an active continental margin rather than an island arc 
(Figure 7b, main text).  The presence of a lens of sandstone derived from a different source 
would not be unexpected in an accreting terrane, although the systematics of this change in 
sedimentation remain ambiguous.   
 
Excess SiO2 
Excess SiO2 can be used as a proxy for primary productivity, representing opaline silica 
from the detritus of silicic organisms (Schmitz et al., 1997).  In the Heishantou Formation, 
excess SiO2 is obscured by lithological changes (Figure S1). 
 
Manganese   
 Mn is a highly reactive element with multiple valence states, and is used in a variety of 
biological transformations along redox boundaries.  Mn oxidation and reduction reactions have 
long been recognized as important proxies for anoxia (Frakes and Bolton, 1984; Hulth et al., 
1999).  However, the use of Mn as an anoxia proxy is highly problematic, as it easily transforms 
from biogenic oxyhydroxides back to a reduced form, depending on highly localized redox 
conditions (Tribovillard et al., 2006).  Figure S1 primarily shows a correlation between Mn and 
Al2O3 in the carbonate fraction, which is not unexpected for rocks that have undergone minor 
diagenetic reactions, where carbonates incorporate reduced Mn below the sediment-water 
interface (Brumsack, 2006). 
 
Barium 
Ba was proposed as a proxy for primary productivity over two decades ago (Dymond et 
al., 1992), and since then has been frequently used to show signals of increased productivity or 
decaying biomass related to extinction events (see review by Tribovillard et al., 2006).  
However, it is difficult to make broad characterizations regarding Ba abundance in the oceans, as 
local factors such as topography, runoff, Ba-rich plagioclase sediment sources, hydrothermal 
activity, or remobilization during diagenesis can have as much an impact (or more) on Ba than 
primary productivity (McManus et al., 1998; Paytan et al., 2007; Paytan et al., 2002; Von 
Breymann et al., 1992).  In the case of the Heishantou Formation, increases in Ba may be due to 
increases in primary productivity, but it is more likely that the signal simply reflects changes in 
lithology (Figure S1), as Ba is highly correlated with Al2O3 content.    
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Copper 
 Cu is removed from the water column through adsorbtion to Fe-Mn oxyhydroxides or 
through ligand formation (Algeo and Maynard, 2004). Cu is enriched in sediments only under 
persistent anoxic or euxinic conditions, while in suboxic or fluctuating oxic/suboxic conditions, 
it will likely show no enrichment at all (Algeo and Maynard, 2004; Tribovillard et al., 2006). 
Figure S1 shows that Cu appears to be correlated with the clay-bearing fraction of the sediment. 
As the clay-bearing fraction is generally representative of the in situ decay of Fe and Mg bearing 
mineral phases rather than direct sedimentation, it is likely that the Cu is correlated with these 
detrital sediments rather than organic complexes. 
 
Zinc 
Zn concentrations can be used to assess hydrothermal input (Brumsack, 2006; 
Tribovillard et al., 2006) as well as oxygenation levels (Algeo and Maynard, 2004; Bond et al., 
2004), but its behavior within the water column is not well constrained due to the variety of input 
sources, the biological uptake and remineralization processes, and the numerous ways it can be 
complexed with organic acids (Piper and Calvert, 2009; Tribovillard et al., 2006).  In the 
Heishantou Formation, Zn appears to be lithologically controlled (primarily enriched within the 
clay mineral fraction) (Figure S1). 
 
Vanadium 
V substitutes for Al in clay minerals during diagenesis (Tribovillard et al., 2006) and 
there is a distinct but scattered correlation between V and Al2O3 in the clay mineral fraction of 
Heishantou Formation sediments (Figure S1).  There is no correlation between Cr and detrital 
sedimentation, however, and when V/Cr ratios are plotted against Al2O3, the correlation 
disappears.  Therefore V alone was not used as a proxy for anoxia for clay-rich sediments, while 
V/Cr showed excursions in the sediments surrounding the D-C boundary (Figure 9, main text). 
 
Magnetic Susceptibility (MS) 
In epicontinental margins or basins, detrital sediments are iron limited and assumed to be 
uniform in bulk composition.  In these scenarios, any change in MS signals can be associated 
with increased sediment flux associated with sea level change or later diagenetic alteration of 
original magnetic signatures (Riquier et al., 2010). On active margins such as island arcs, 
however, sediments are more iron rich (with iron partitioned into a number of different 
mineralogical phases) and changes in MS signatures can be obscured by varying sediment 
sources and rates of sedimentation.  Therefore, MS signatures from these settings require 
extensive characterization of the detrital sediment mineralogy in order to parse out the potential 
role of diagenetic alteration as the cause of MS oscillations. 
The method for determination of diagenetic signatures versus sea level signatures is 
optimized for epicontinental settings (Riquier et al., 2010), but is decidedly more complex in 
island arc environments.  To assess the role of sea level in the MS oscillations in the Heishantou 
Formation, MS was compared with the detrital proxies Al2O3, Zr, and Th (Figure S2).  With 
undifferentiated plots, there appears to be no correlation between MS and detrital proxies listed 
above, but when differentiated by lithology (albite sandstones, bioclastic mudstones, chlorite-
illite mudstones, and quartz siltstones), trends are visible.  The high correlation between total Fe 
and MS is present and expected, and there is a noticeable correlation between MgO and MS 
(showing the impact of chlorite-illite clays on increased MS signatures) (Figure S2).  In 
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epicontinental settings, this correlation is often the result of diagenetic alteration during the 
smectite-illite transformation of detrital clays (Katz et al., 2000), but in the Heishantou 
Formation, illite and chlorite are primary detrital clays present (Figure 4 in main text) from the in 
situ weathering of Fe-rich phases such as biotite and hornblende (Figure 5 in main text). The lack 
of correlation between MS values and framboids altered from pyrite to Fe-oxides and the lack of 
correlation between MS values and 87Sr/86Sr isotope signatures (Figure S2) is further evidence 
against a diagenetic origin for the MS excursion seen at the D-C boundary in the Heishantou 
Formation.  
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Supplemental Figure S1. Redox and productivity proxies SiO2, MnO, Ba, Zn, V, and Cu 
exhibiting moderate to strong lithologic control (Al2O3 used as a proxy for detrital input). 
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Supplemental Figure S2. Correlation plots between MS and detrital proxies Al2O3, Zr, and Th, 
as well as total Fe2O3, MgO (proxy for chlorite-illite clay content), number of Fe oxide 
framboids (altered pyrite), and 87Sr/86Sr ratios. Data points are differentiated by lithology. 
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